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Abstract Reservoirs that host CO2‐H2S‐bearing gases provide a key insight into crustal redox reactions
such as thermochemical sulfate reduction (TSR). Despite this, there remains a poor understanding of the
extent, duration, and the factors limiting this process on a reservoir scale. Here we show how a combination
of petrography, ﬂuid inclusion, rare earth element (REE), and carbon (δ13C), oxygen (δ18O), and sulfur (δ34S)
stable isotope data can disentangle the ﬂuid history of the world's largest CO2 accumulation, the LaBarge
Field inWyoming, USA. The carbonate‐hosted LaBarge Field was charged with oil around 80Ma ago, which
together with nodular anhydrite represent the reactants for TSR. The nodules exhibit two distinct trends of
evolution in δ13C with both δ34S and δ18O that may be coupled to two different processes. The ﬁrst trend
was interpreted to reﬂect the coupled dissolution of anhydrite and reduction to elemental sulfur and the
oxidation of organic compounds and associated precipitation of calcite during TSR. In contrast, the second
trend was interpreted to be the result of the hydrothermal CO2 inﬂux after the cessation of TSR. In addition,
mass balance calculations were performed to estimate an approximate TSR reaction duration of 80 ka
and to identify the availability of organic compounds as the limiting factor of the TSR process. Such an
approach provides a tool for the prediction of TSR occurrence elsewhere and advancing our understanding
of crustal ﬂuid interactions.
1. Introduction
Study of ﬂuid‐ﬂuid and ﬂuid‐rock interactions in gas reservoirs containing elevated concentrations of CO2‐
H2S assists not only in understanding processes that control migration and accumulation of crustal ﬂuids but
also the feasibility of CO2‐H2S cosequestration (Glezakou et al., 2012; Kaszuba et al., 2011; Knauss et al.,
2005; Pearce et al., 2016; Williams & Paulo, 2002; Xiao et al., 2009; Zhang et al., 2011). In addition, the for-
mation of H2S in natural gas reservoirs is of interest for drilling security and the estimation of gas degrada-
tion and presence of mineral deposits (e.g., Mississippi Valley‐type deposits; Piqué et al., 2009; Powell &
MacQueen, 1984). However, sulfur cycling and redox reactions such as thermochemical sulfate reduction
(TSR) are not well understood on a reservoir scale and only a few natural systems have been studied includ-
ing the Khuff Formation, Saudi Arabia (Bildstein et al., 2001; Jenden et al., 2015; Worden et al., 1995, 2000;
Worden & Smalgeoley, 1996), the Smackover Formation, USA (Claypool & Mancini, 1989; Heydari &
Moore, 1989), Lower Saxony Basin, Germany (Biehl et al., 2016), Tarim and Sichuan Basin, China (Cai
et al., 2001, 2003, 2004, 2009, 2010, 2013, 2016; Hao et al., 2015; Jiang et al., 2014, 2015, Liu et al., 2013,
2014), and the Nisku Formation, Canada (Machel, 1987a, 1987b, 2001; Riciputi et al., 1994). Since the reac-
tions are difﬁcult to simulate experimentally under reservoir conditions, due to their slow rates of reaction
(Amrani et al., 2008; Anderson & Thom, 2008; Ding et al., 2008, 2009, Yue et al., 2005, 2006), natural
CO2‐H2S reservoirs form ideal natural analogues for CO2‐H2S cosequestration (Allis et al., 2001; Bickle
et al., 2013; Kaszuba et al., 2011).
The LaBarge Field located in western Wyoming, USA, hosts an estimated 4.7 × 1012 m3 (167 trillion cubic
feet) of gas (Stilwell, 1989), of which 66% is CO2, in the Mississippian‐aged Madison Formation (Figure 1).
While the mineralogy, petrography, and sequence stratigraphy of the Madison Formation in Wyoming have
been studied comprehensively in the past (Budai, 1985; Budai et al., 1984; Budai & Cummings, 1987;
Buoniconti, 2008; Katz, 2008; Katz et al., 2007; Smith et al., 2004; Sonnenfeld, 1996b), there is a relative
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paucity of petrographic observations from the LaBarge Field. The gas forms a 250‐m‐thick gas column and is
the largest known natural CO2 accumulation in the world (Allis et al., 2001; Lynds et al., 2010; Stilwell,
1989). Different sources for the CO2 and H2S at the LaBarge Field have been proposed including thermal
degradation of hydrocarbons, breakdown of carbonates, volcanic gas migration, and TSR (De Bruin, 2001;
Huang et al., 2007; Stilwell, 1989). TSR is a redox reaction where sulfate is reduced to form hydrogen
sulﬁde and hydrocarbons are simultaneously oxidized to form carbon dioxide (Orr, 1974). The volume of
CO2 in the LaBarge Field exceeds the volume of H2S by a factor >12, which makes TSR a single source
for CO2, unlikely given that TSR produces CO2 and H2S in a molar ratio less than 1:1 (Liu et al., 2013).
Despite these numerous studies, it has so far been difﬁcult to unambiguously determine the origin of
these non hydrocarbon gases in the ﬁeld.
This paper provides new insights into the timing, extent, and duration of TSR at the LaBarge Field, which are
crucial to improve the general understanding of TSR. The mineralogy and petrography of three drill cores
from the Madison Formation will be presented as a precursor to a detailed geochemical characterization
of different mineral phases in this formation. The geochemical assessment integrates rare earth element
(REE), stable isotope, and ﬂuid inclusion analysis to provide new constraints on the sulfate source and
the onset of TSR. It will be discussed how this information can be used to estimate the duration of TSR at
the LaBarge Field and elucidate the limiting factors during this process. The insights developed by this study
may be used to better understand TSR, ﬂuid‐ﬂuid, and ﬂuid‐rock interactions in other systems that have
experienced multiple contributions of exogenously sourced ﬂuid.
2. Tectonic and Geological Setting and Burial History
The LaBarge ﬁeld is located at the north end of the Moxa Arch structure inWyoming (USA), which is part of
the Greater Green River Basin (Figure 1). On the west side, the LaBarge Field is conﬁned by an eastward
plunging basement involved reverse fault (Dixon, 1982; Kraig et al., 1987; Stilwell, 1989; Figure 1b). The
gas trapped in the LaBarge Field consists on average of 66% CO2, 21% CH4, 7% N2, 5% H2S, and 0.6% He
(Huang et al., 2007). The Madison Formation consists of alternating limestone and dolomite (Huang
et al., 2007) and exhibits an average porosity of 8%–10%, a permeability of 10–50 mD, and a residual water
saturation of 10% (Huang et al., 2007). The limestone and dolomite beds reach maximum thicknesses of
20 m with dolomite slightly dominating in abundance over limestone. Except for microinclusions, there is
no primary anhydrite left; however, intercalated nodular calcite has been interpreted to represent a replace-
ment of a former anhydrite phase (King et al., 2014; Thayer, 1983). These nodules occur in layers or as single
Figure 1. (a) Map of the Moxa Arch with main tectonic features in the area modiﬁed after Becker and Lynds (2012). The
LaBarge Field is colored in gray. (b) Map of the LaBarge Field with contour lines of the top of the Madison Formation and
gas water contact in TVD SS modiﬁed after Stilwell (1989). (c) Integrity of three viewed drill cores and their relative
depth in the Moxa Arch.
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nodules throughout the formation with a slight increase toward the bottom of the formation but make up
only around 0.2% of the total rock volume. Additional former evaporite beds are reported to have been
dissolved, as evidenced by the presence of solution collapse breccias, but the volume of these features is
more difﬁcult to quantify (Budai & Cummings, 1987; Katz et al., 2006; Middleton, 1961; A. E. Roberts,
1966; Smith et al., 2004; Thayer, 1983).
The Moxa Arch is an anticline with a north‐south oriented hinge line that borders the Wyoming fold and
thrust belt to the west and the Rock Springs Uplift to the east. The anticline formed during the thick‐skinned
Laramide deformation from the Campanian until the Eocene (Becker & Lynds, 2012; Campbell‐Stone et al.,
2011; Kraig et al., 1987). At the same time, the thin‐skinned Sevier fold and thrust belt migrated east toward
the Moxa Arch (Blackstone, 1979; Dixon, 1982; Kraig et al., 1987; Nozaki et al., 1997; Wach, 1977). The most
eastern thrust sheet, the Hogsback thrust, overruns the Moxa Arch at the LaBarge Field and displaces the
sedimentary section that predates the Triassic (Becker & Lynds, 2012; Kraig et al., 1987). In the Late
Cretaceous (84–76 Ma) Laramide‐related burial drove the Permian Phosphoria Formation to depths sufﬁ-
cient for oil and gas generation. These ﬂuids migrated down into the Madison Formation due to overpres-
sure during maturation (Johnson, 2005; Figure 2). The Pennsylvanian Weber Sandstone Formation
overlying the Madison Formation acted as a carrier bed during oil migration, but its permeability decreased
over time due to cement precipitation until it formed a good seal for ﬂuids hosted in the Madison Formation
(Johnson, 2005). A burial history for the Moxa arch region has been established at the Bruff ﬁeld, 30 km
south of LaBarge (Roberts et al., 2005). The burial history is characterized by variable sedimentation rates
and erosional events at 92, 75, 66, and 5 Ma until today (Roberts et al., 2005). The burial history of the
LaBarge Field differs from the Bruff ﬁeld by an additional 500 m of structural relief in Pliocene times.
Maximum burial was reached at 5 Ma with a maximum burial temperature of approximately 215 °C
(Roberts et al., 2005), whereas the present‐day temperature of the Madison Formation is
approximately 135 °C.
3. Samples and Method
3.1. Samples
Host rock limestone, dolomite, pyrite and calcite veins, and nodules were sampled from three cores of the
Madison Formation from the LaBarge ﬁeld, located on the crest of the Moxa Arch or slightly off crest
(Figures 1 and 3). In total, 20 samples were collected from drill core FC13‐10, 12 samples from drill core
FC15‐28, and 7 samples from drill core LR8‐11 (Figures 1 and 3 and Table 1). Drill core LR4‐22 was not
viewed, but one sample of this drill core was available for analysis. The calcite veins and nodules were
selected to represent different depths and nodule abundances of the drill cores. Pyrite was mainly found
in drill cores FC15‐28 and FC13‐10, whereas LR8‐11 only contained one location suitable for pyrite
Figure 2. Burial history modiﬁed after Roberts et al. (2005) and adapted to 500 m further uplift at the LaBarge Field in the
last 5 Ma. The Madison Formation is highlighted in gray. Fm., formation; Sh.,shale; Gp., group; Ss., sandstone; L. Cret.,
Lower Cretaceous rocks. The surface temperature has been set at 25 °C.
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sampling. Additionally, two native sulfur samples were collected from
drill cores FC15‐28 and FC13‐10. All samples were ﬁst size pieces of
drill core, which were then cut for thin sections. Minerals were
identiﬁed visually by a Nikon Eclipse LV100NPOL microscope and
analytically by a JEOL 6400 scanning electron microscope at the
University of Manchester. The samples were then cut into smaller
pieces of interest and crushed for further analytical measurements. The
abundance of anhydrite for TSR has been estimated from calcite that
replaced former anhydrite nodules through drill core logging, and the
amount of pyrite has also been estimated from drill core logging.
3.2. Stable Isotopes
Carbon (δ13C) and oxygen (δ18O) isotope measurements were performed
on 32 calcite and dolomite samples on an Isoprime multiﬂow mass spec-
trometer at Lancaster University (Table 1). Dolomite samples were ﬁrst
added to 1‐M HCl for 1 hr and rinsed with deionized water to remove
any traces of calcite (De Groot, 2009). Following this, 400 μg of sample
powder was added to phosphoric acid to evolve CO2, which was subse-
quently analyzed. All data were corrected to PDB (Pee Dee Belemnite)
using international standards LSVEC (δ13C −46.6‰, δ18O −26.7‰),
NBS‐18 (δ13C −5.014‰, δ18O −23.2‰), and CO1 (δ13C +2.492‰, δ18O
−2.4‰). Precision for ﬁve standard replicates (n = 5, 1 standard deviation
[SD]) was <0.1‰ for carbon and oxygen isotopes.
Additionally, 17 calcite nodules were analyzed for sulfur (δ34S) and oxy-
gen (δ18O) isotopes in carbonate associated sulfate (CAS; Table 1. A total
of 900 mg of crushed sample was dissolved and reprecipitated as BaSO4
following the ﬁltration method of Wynn et al. (2008). Two samples (C7
and A3) did not yield the minimum of 250 and 350 μg of BaSO4 for the sul-
fur and oxygen isotope analyses, respectively. One sample (C9) gave
enough BaSO4 for sulfur isotope analysis but not for oxygen isotope ana-
lysis. The isotopic ratios were determined by continuous ﬂow isotope ratio
mass spectrometry using the Isoprime 100 mass spectrometer linked to an
Elementar Pyrocube analyzer at the University of Lancaster (Wynn et al.,
2014). Sulfur and oxygen isotopic data are presented relative to V‐CDT
(Vienna‐Canyon Diablo Troilite) and V‐SMOW (Vienna‐Standard Mean
Ocean Water), respectively. The international standards NBS‐127
(+21.1‰) and SO5 (+0.5‰) were used to calibrate sulfur isotope data.
For the oxygen isotopes the international standards NBS‐127 (+9.3‰)
and SO6 (−11.35‰) were used. The precision for standard replicates
(n = 4, 1SD) was <0.1‰ for sulfur and <0.2‰ for oxygen. Three samples
(C4, C5, and C11) contained pyrite grains, which oxidized during the pre-
paration procedure and lead to contamination (Marenco et al., 2008) and
were therefore excluded.
Oxygen isotopes were analyzed on three quartz samples on a Finnigan
MAT 253 mass spectrometer at the British Geological Survey following
the ﬂuorination method described by Clayton and Mayeda (1963;
Table 1). The samples were added to 1‐M HCl and rinsed with deionized
water prior to analysis in order to remove any calcite from the samples.
The data are corrected to V‐SMOW using the standard BFC (M. Leng
et al., 2001; M. J. Leng & Sloane, 2008; assumed value 29‰). The precision
for standard replicates was <0.1‰, and the sample reproducibility (1SD)
was 0.1‰.
Figure 3. (a and b) Madison limestone consisting of partially micritized
foraminifers, brachiopods, bivalve, and echinoderm fragments with
microspar ﬁlling the pore space; (c) fabric‐preserving euhedral to subhedral
dolomite with high intercrystalline porosity; (d) fabric‐preserving
euhedral to subhedral dolomite with poikilotopic calcite cement ﬁlling the
pore space; (e) partially siliciﬁed dolomite breccia; (f) fracture‐ﬁlling
calcite in dolomite host rock (sample C6); (g) former anhydrite nodule
replaced by calcite with elemental sulfur precipitated in between calcite
crystals (sample S2); and (h) former anhydrite nodule replaced by a
succession of chalcedony and quartz precipitated in the rim, followed by
100–500‐μm‐sized calcite crystals (sample A1(F)) and a centimeter‐sized
calcite crystal in the center (sample A1(C)).
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Pyrite sulfur isotope measurements were carried out at Scottish Universities Environmental Research
Centre (Table 1). The pyrite samples were converted to SO2 by combustion under vacuum at 1070 °C with
cuprous oxide after the method of Robinson and Kusakabe (1975). The gas was then puriﬁed cryogenically
and analyzed on a VG SIRA II gas mass spectrometer. The two native sulfur samples were measured in the
same way as the pyrites. The sulfur isotopic data were corrected to V‐CDT using the international standards
NBS‐123 (+17.1‰), International Atomic Energy Agency‐S‐3 (−31‰), and the internal lab standard
CP‐1 (−4.6‰).
3.3. Rare Earth Elements
Rare earth element concentrations in 15 calcite nodules were measured on an Agilent 7500cx ICP‐MS at the
University of Manchester (Table 1 and 2 and Figure 4). The 100 mg of crushed calcite sample was digested
overnight in 5 ml of 6‐M HCl. A subsample of the liquid phase was extracted and diluted to a <0.1% total
dissolved solids (TDS) solution for analysis. Typical relative errors for REE standard concentrations were
less than 5%. The concentrations were normalized to Post‐Archean Average Australian Shale
(McLennan, 1989; Nance & Taylor, 1976). Two samples (C1 and A3) exhibit very low REE concentrations
(on the same level as the measured blanks) and are therefore excluded from the following interpretation.
In three samples (A2, C14, and C10) the Ho concentration is below the blank level and was also excluded
from this interpretation. In eight samples the europium concentration was corrupted by barium
oxide interference (Dulski, 1994; Jarvis et al., 1989; Figure 4b). In these samples the Ba concentration is
up to 2,200 ppm and shows an almost perfect linear correlation with the Eu concentration (R2 = 0.98;
Figure 4e). The remaining ﬁve samples (C4, C5, C6, C11, and& C12) lie above this trend with a low Ba
concentration and are considered reliable.
3.4. Fluid Inclusions Microthermometry
Fluid inclusion homogenization temperatures were measured on double‐polished thin sections at
ExxonMobil Upstream Research Company (Texas, USA) and Fluid, Inc. (Colorado, USA; Table 3). The ﬂuid
inclusion analyses were conducted on different samples than the REE and stable isotope measurements
except for sample Q2. Fluid inclusion analysis was performed following the ﬂuid inclusion assembly method
described by Goldstein and Reynolds (1994) and reported as the range of homogenization temperatures
found in the assemblage with the number of inclusions observed (Table 3). This technique consists of ﬁnding
the highest homogenization temperature (Th) for aqueous, methane‐bearing, ﬂuid‐inclusion assemblages.
The temperature at which the ﬂuid inclusion was trapped is recorded in the homogenization temperatures
of aqueous ﬂuid inclusions. Fluid inclusions examined in this study occur as both primary and secondary
inclusions in different mineral phases (dolomite, quartz, fracture‐ﬁlling calcite, ﬂuorite, and calcite that
replaced anhydrite). Because gas inclusions are present in all observed phases coexisting with many of these
aqueous inclusion assemblages, the assumption is that no pressure correction is required, and thus, the Th
value represents a true original trapping temperature along the water liquid‐vapor saturation (or bubble
point) curve. Thus, primary inclusions represent an original crystallization temperature of the mineral
growth zone in which they are hosted, and secondary inclusions potentially represent a maximum tempera-
ture postcrystallization. The homogenization temperatures of aqueous ﬂuid inclusions can provide accurate
estimates of maximum temperature at peak burial or record the process of some anomalous temperatures
not related to burial, such as hydrothermal activity.
4. Results
4.1. Mineralogy and Petrography
The Madison Formation in the LaBarge Field is dominated by skeletal packstone (Figures 3a and 3b). The
bioclasts are 50–300 μm in size and include foraminifers and brachiopods, bivalve, and echinoderm frag-
ments. All skeletal grains are micritized except for some echinoderm fragments (Figures 3a and 3b). All pri-
mary interparticle and intraparticle porosity is cemented by microspar. Based on the viewed drill cores,
approximately 60% of theMadison Formation limestone is pervasively dolomitized (Figure 3c). The dolomite
is ﬁnely crystalline and equigranular with a crystal size of approximately 50 μm. The crystal shapes are euhe-
dral, whereas somemicritized skeletal grains are replaced by subhedral dolomite (Figure 3c). The dolomite is
fabric preserving and can have high intercrystalline porosity. Part of this porosity is subsequently ﬁlled with
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poikilotopic calcite cement with crystal sizes up to 3 mm (Figure 3d).
Bedding parallel low‐ (0.5 cm) and high (3 cm)‐amplitude stylolites are
found mainly in the limestone but occur also in the dolomite.
In addition to limestone and dolomite, siliciﬁed limestone occurs in three
different forms: bedding parallel bands of siliciﬁed limestone, chalcedony,
and quartz along the rim of former anhydrite nodules and siliciﬁed dolomite
breccia. The siliciﬁed limestone bands are bound by stylolites and consist
mainly of 20‐ to 100‐μm anhedral quartz crystals. These crystals are precipi-
tated around and partially replacing skeletal grains. They are mainly found
in drill cores FC15‐28 and LR8‐11 around 140 and 250 m beneath the top of
the Madison Formation. The second silica form consists of chalcedony
rosettes 1 mm in diameter and submilimeter, anhedral, and sometimes
radially oriented quartz crystals. The chalcedony and quartz crystals are pre-
cipitated in the rims of former anhydrite nodules and in one case replaced
the former anhydrite nodule completely (Figure 3h). This silica form
encompasses signiﬁcant volumes of anhydrite and some ﬂuorite inclusions
and is most abundant in drill core FC13‐10. The third silica form is a silici-
ﬁed dolomite breccia composed of in‐equigranular concretion of <200‐μm‐
sized anhedral quartz crystals surrounded by equigranular 10‐μm‐sized
anhedral quartz crystals (Figure 3e). The coarser quartz crystals sometimes
form pseudomorphs of quartz after dolomite. The dolomite around the
quartz forms concretions of coarser dolomite surrounded by very ﬁne
grained dolomite. This suggests that the quartz is not brecciated itself but
replaced and cemented a dolomite breccia. The dolomite breccia replacing
quartz occurs in all three drill cores at 2,123‐, 1,913‐, and 2,001‐m true ver-
tical depth subsea (TVD SS) in drill cores FC15‐28, LR8‐11, and FC13‐10,
respectively. These depths correspond to approximately 176m depth from
the top of the Madison Formation in all three drill cores.
Besides the microspar, there are two more forms of authigenic calcite:
fracture‐ﬁlling calcite and calcite that replaced anhydrite. The fracture‐
ﬁlling calcite forms subhedral blocky calcite crystals up to several centi-
meters in diameter that are precipitated in fractures in the limestone and
dolomite host rock (Figure 3f). Sparse pyrite, galena, and apatite microinclu-
sions and quartz and ﬂuorite crystals are enclosed by this calcite phase. This
phase is abundant in drill cores FC15‐28 and FC13‐10 but has not been
found in drill core LR8‐11.
Fluorite is found in two different forms at two different times in the para-
genetic sequence: the ﬁrst occurrence is as inclusions in quartz, fracture‐
ﬁlling calcite, and calcite that replaced anhydrite and the second occur-
rence is as fracture‐ﬁlling ﬂuorite. The inclusions are up to 15 μm in size
and sometimes associated with anhydrite inclusions. The ﬂuorite‐
cemented fracture consists of 1‐mm‐sized anhedral crystals and crosscuts
and ﬁlls a reopened calcite‐cemented fracture in drill core FC15‐28 at
2,120.1‐m TVD SS. Subhedral saddle dolomite crystals, 5 mm in size,
are found in drill core FC13‐10 at 2,057‐m TVD SS. The saddle dolomite
encloses quartz, ﬂuorite, and fracture‐ﬁlling calcite crystals.
The former anhydrite nodules are completely replaced by calcite except for
somemicroinclusions (Figures 3g and 3h andAppendixA). This calcite phase
exhibits anhedral to subhedral crystals from 100 to 500 μm in size with an
interlocking fabric. Two calcite nodules have a centimeter‐sized calcite crys-
tal in the center (Figure 3h). This calcite phase has abundant pyrite, anhy-
drite, and ﬂuorite inclusions of up to 25, 50, and 15 μm in size, respectively.T
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Additionally, there are a few <20‐μm‐sized dolomite, celestine, sylvite, sylvenite, barite, and apatite
inclusions. In the chalcedony and quartz‐rimmed nodules, the calcite encloses some of the silica crystals.
Pyrite and minor amounts of sphalerite are found at the base of the Madison Formation in all three drill
cores and are most abundant in drill core FC15‐28. The pyrite and sphalerite form up to 1‐mm‐sized subhe-
dral to euhedral crystals. Pyrite is precipitated along and within reopened stylolites and is often associated
with solid bitumen. In calcite that replaced anhydrite, pyrite is also located within calcite crystals and on
crystal boundaries. The pyrite is present as dissemination in the host rock and sometimes overgrows ﬁne
dolomite grains. Sphalerite is found precipitated along with pyrite in the same mineral associations but is
not present in all sites of pyrite mineralization. Solid bitumen is found as small concretions alongside stylo-
lites, crosscutting fracture‐ﬁlling calcite and in pores of the calcite that replaced anhydrite. Native sulfur was
found in two places: in between calcite that replaced anhydrite crystals in drill core FC15‐28 at 2,153.2‐m
TVD SS (Figure 3g) and within a pyrite and solid bitumen vein in drill core FC13‐10 at 1,830.4‐m TVD SS
(Table 1).
4.2. Rare Earth Elements and Yttrium
All rare earth elements and yttrium (REEY) concentrations are normalized to Post‐Archean Average
Australian Shale (Table 2). The fracture‐ﬁlling calcite (samples C6 and C12) and the calcite that replaced
anhydrite (C4, C5, C11, A1(C), A1(F), A2, C2, C8, C9, C10, and C14) show distinct REE patterns
(Figure 4). The two fracture‐ﬁlling coarse crystalline calcites (samples C6 and C12) have a ﬂat REEY pattern
with distinct negative cerium and positive yttrium anomalies (Figure 4a). The patterns are similar to sea-
water measurements except for a relative depletion in heavy rare earth elements (HREE) (Mitra et al.,
1994; Schmidt et al., 2007; Figure 4a). The Y/Ho ratios for the two samples are 52 and 72, which is in the
range of seawater (44–74; Bau & Dulski, 1995). These samples plot in the far right corner of the Ce‐Pr‐
Figure 4. (a–c) Rare earth element patterns from fracture‐ﬁlling calcite, calcite that replaced anhydrite, three dissimilar
calcite that replaced anhydrite samples and seawater (Mitra et al., 1994). (d) Barium and europium concentrations.
Squares are fracture‐ﬁlling calcite samples, whereas circles are calcite that replaced anhydrite samples, and triangles are
the three dissimilar calcite that replaced anhydrite samples. The samples from plot (b) correlate in their Ba and Eu
concentration, and hence, a severe BaO interference cannot be ruled out. The fracture‐ﬁlling calcite samples (a) and the
three samples from plot (c) lie above the correlation trend and have a reliable Eu concentration. (e) Cerium anomaly
diagram from Bau and Dulski (1996). Samples in the bottom right quadrant have true cerium anomalies. The calcite that
replaced anhydrite sample with two different calcite textures was analyzed in the core and rim of the nodule and is
marked with a black line between the two measurement points. Black, gray, and white symbols represent samples from
drill cores FC13‐10, LR8‐11, and FC15‐28, respectively.
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Table 3
Homogenization Temperatures, Freezing Point Depressions, and Calculated Salinities From Fluid Inclusion Assemblages in Quartz, Fluorite, and Calcite
Well
TVD
SS (m) Th (# FIs; (°C) Tm ice (°C)
NaCl equivalent
salinity (Wt.%) Mineral Comments
FC13‐10 1,839 140–145(2) <−15 >18.6 quartz that replaced anhydrite primaries
140–145(2) <−15 >18.6 quartz that replaced anhydrite primaries
125–130(3) quartz that replaced anhydrite primaries
115–120(3) quartz that replaced anhydrite primaries
115–120(2) −16 19.4 quartz that replaced anhydrite primaries
115–120(2) −15 18.6 quartz that replaced anhydrite primaries
110–115(5) <−18 >21 quartz that replaced anhydrite primaries
110–115(3) <−18 >21 quartz that replaced anhydrite primaries
110–115(>10) quartz that replaced anhydrite primaries
150–155(4) >−6 >9.2 quartz that replaced anhydrite secondaries, later gas‐rich inclusions
170–180(3) >−6 >9.2 quartz that replaced anhydrite secondaries, later gas‐rich inclusions
195–200(>10) −4.2 6.7 calcite that replaced anhydrite primaries, Th max
FC13‐10 1,914 145–150 <−16 >19.4 fracture‐ﬁlling calcite secondaries, Th max
FC13‐10 2,044 155–160 <−16 >19.4 fracture‐ﬁlling calcite secondaries, Th max
FC13‐10 2,072 210–215 >−6 <9.2 calcite that replaced anhydrite secondaries double bubbles clear, Th max
FC15‐28 1,952 195–200 >−6 <9.2 calcite that replaced anhydrite secondaries, Th max
FC15‐28 1,999 115–120 <−16 >19.4 fracture‐ﬁlling calcite secondaries, Th max
FC15‐28 2,010 195–200 >−6 <9.2 calcite that replaced anhydrite secondaries, Th max
FC15‐28 2,020 135–140 <−18 >21 microspar calcite cement secondaries, Th max
FC15‐28 2,033 135–140 <−18 >21 microspar calcite cement secondaries, Th max
FC15‐28 2,087 200–215 >−6 <9.2 calcite that replaced anhydrite secondaries, Th max
155–160 <−18 >21 saddle dolomite primaries, Th max
FC15‐28 2,120 190–195 >−7 <10.5 calcite that replaced anhydrite primaries, Th max
110–115(4) <−18 >21 ﬂuorite primaries
105–110(4) <−18 >21 ﬂuorite primaries in last growth zone
150–160(5) <−18 >21 ﬂuorite secondaries
145–150(5) <−18 >21 ﬂuorite secondaries
120–125(4) <−18 >21 ﬂuorite secondaries
120–125(3) <−18 >21 ﬂuorite secondaries
115–120(>10) <−18 >21 ﬂuorite secondaries
115–120(>10) <−18 >21 ﬂuorite secondaries
105–110(6) <−18 >21 ﬂuorite secondaries
100–110(>100) −18.6 21.4 ﬂuorite secondaries
FC15‐28 2,125 145–150(>10) −6.7 10 saddle dolomite primaries with gas inclusions
FC15‐28 2,150 200–215 >−7 <10.5 ﬂuorite secondaries, lots of gas‐ﬁlled inclusions
FC15‐28 2,201 200–215 −12 16 calcite that replaced anhydrite secondaries, Th max
FC15‐28 2,203 165–175(5) −9.2 13.1 quartz secondaries
165–175(4) −12 16 quartz secondaries
190–200(>10) quartz secondaries
145–150(4) −5.1 8 quartz secondaries
150–155(3) −6.8 10.2 quartz secondaries
145–150(3) −9 12.8 quartz secondaries
140–145(5) quartz secondaries
195–205(5) −2.2 3.7 calcite that replaced anhydrite secondaries
LR8‐11 1,390 155–160 <−18 >21 calcite that replaced anhydrite secondaries, Th max, clathrate present
125–135(5) <−18 >21 quartz primaries near rim
125–135(7) <−18 >21 quartz primaries near rim
130–140(4) <−18 >21 quartz primaries near rim
120–130(5) <−18 >21 quartz primaries near rim
LR8‐11 1,392 160–165 <−18 >21 quartz primary (possibly), Th max
150–160 >−7 <10.5 calcite that replaced anhydrite secondaries, Th max
LR8‐11 1,393 150–160 <−18 >20 quartz primaries (possibly)
LR8‐11 1,743 180–185 >−7 <10.5 calcite that replaced anhydrite secondaries, Th max
LR8‐11 1,818 175–180(4) calcite that replaced anhydrite primaries
LR8‐11 1,942 185–195(3) calcite that replaced anhydrite primaries near outer growth zone with gas‐ﬁlled
inclusions
LR8‐11 1,984 175–185(4) calcite that replaced anhydrite secondaries, abundant gas‐ﬁlled inclusions present
LR8‐11 1,989 205–210 >−6 <9.2 calcite that replaced anhydrite secondaries, Th max
Note. Each row represents a distinct ﬂuid inclusion assemblage according to the criteria of Goldstein and Reynolds (1994).
Th = liquid‐vapor homogenization temperature; Tm = ﬁnal ice melting temperature; salinities calculated from freezing point depression according to equation
of Bodnar (1993); clathrate formation upon freezing complicated most freezing point depression measurements, so reported salinities may represent either a
minimum (>) or maximum (<) value.
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anomaly diagram (Bau & Dulski, 1996), which is in the range of seawater
values (Figure 4e). The total concentration in REE in these samples is 65
and 19 ppm.
The REEY patterns of the majority of the calcite that replaced anhydrite
samples (A1(C), A1(F), A2, C2, C8, C9, C10, and C14) are characterized
by a ﬂat to slightly convex upward shaped pattern with a slight increase
from light rare earth elements (LREE) to HREE (Figure 4b). The Y/Ho
ratios lie in the range of seawater values (Bau & Dulski, 1995), with the
exception of two samples (C2 and C9) that have a Y/Ho ratio of 31 and
89. Three samples (C8, C9, and C14) from drill core LR8‐11 plot in the
negative cerium anomaly ﬁeld in the Ce‐Pr‐anomaly diagram (Bau &
Dulski, 1996), whereas the rest of the samples exhibit no cerium anomaly
(Figure 4e). The mean absolute REE concentration in these samples is
2 ppm (0.6 to 5.9, n = 12). In sample A1 the rim (A1(F)) and core
(A1(C)) of the nodule were analyzed and resulted in a very similar REE
pattern but the calculated Ce and Pr anomalies shift toward a more posi-
tive Ce and more negative Pr anomaly from rim to core (Figure 4e).
Of the samples where calcite replaced anhydrite, there are three samples
(C11, C5, and C4) with REE patterns unlike the rest (Figure 4c), all col-
lected from drill core FC15‐28 (2,153.9‐, 2,202.6‐, and 2,202.8‐m TVD SS; Figure 1c). They show a convex
upward increase in LREE up to europium and a continuous decrease in HREEY with positive europium
and yttrium anomalies (Figure 4c). The Y/Ho ratios in these samples are 37, 41, and 49, and they do not have
a distinct Cerium anomaly (Bau & Dulski, 1996; Figure 4e). The total concentration in REE in these samples
is 4, 9, and 11 ppm.
4.3. Stable Isotopes
The stable isotope data are presented in the order of the paragenetic sequence. Three quartz samples consist-
ing of a siliceous band (sample C3), a siliciﬁed breccia (sample Q1), and a quartz nodule (sample Q2) have a
very similar oxygen isotopic signature of 28.1‰, 27.5‰, and 28.1‰V‐SMOW, respectively (Table 1). The ori-
ginal limestone samples (L1(1), L1(2), C7(L), and A4(L)) comprise a mean
δ13C value of 2.0‰ V‐PDB (1.5‰ to 3‰, n = 4) and a mean δ18O value of
−7.9‰ V‐PDB (−8.9‰ to −7.3‰, n = 4), where n is the number of differ-
ent samples analyzed except for sample L1 where the same sample was
sampled twice (Table 1 and Figure 5). The dolomite host rock samples
(D1, D2, D3, and D4) have a mean δ13C value of 3.8‰ V‐PDB (2.0‰ to
7.2‰, n = 4) and δ18O value of −2.1‰ V‐PDB (−3.3‰ to 0.0‰, n = 4;
Table 1 and Figure 5). The coarse‐grained fracture‐ﬁlling calcite samples
(A4, C12, C6, A5, and LB2) have a positive mean δ13C value of 1.4‰ V‐
PDB (0.7‰ to 2.4‰, n = 5) and a negative mean δ18O value of −8.4‰
V‐PDB (−10.0‰ to −6.6‰, n = 5; Table 1 and Figure 5). The saddle dolo-
mite sample (A4(D)) has δ13C and δ18O values of 1.9‰ V‐PDB and−9.8‰
V‐PDB, respectively (Table 1 and Figure 5). The calcite that replaced
anhydrite samples (Table 1) has a distinct negative carbon isotope compo-
sition of −11.6‰ V‐PDB (−18.3‰ to −5.9‰, n = 18) and an oxygen iso-
tope composition of −11.6‰ V‐PDB (−13.7‰ to −8.6‰, n = 18).
Sample A1 shows a higher δ13C and lower δ18O value in the rim (sample
A1(F)) than in the core (sample A1(C); Table 1 and Figure 5).
The pyrite samples seem to form two groups based on their sulfur isotopic
signatures (δ34S) (Figure 6a). One sample group (samples P4, P5(1), P5(2),
and P11) exhibits a very negative mean δ34S value of −25.9‰ (−33.2‰ to
−19.5‰, n = 4), while the remaining samples show positive δ34S values
with a mean of 6.9‰ (3.6‰ to 9.5‰, n = 8; Table 1). Two native sulfur
samples (samples S1 and S2) have δ34S values of −0.2‰ and 10.7‰
Figure 5. Carbon and oxygen isotopic data from carbonate samples. Sample
A1 is marked with a black dotted line between the core (A1(C)) and the rim
(A1(F)) measurement. Black, gray, white, and crossed symbols represent
samples from drill cores FC13‐10, LR8‐11, FC15‐28, and LR4‐22,
respectively.
Figure 6. (a) Sulfur isotopes in pyrite (diamonds) and native sulfur (trian-
gles). (b) CAS oxygen and sulfur isotopes in fracture‐ﬁlling calcite (square)
and nodular calcite that replaced anhydrite (circles). There is a strong cor-
relation between the two isotopic values. (c and d) CAS oxygen and sulfur
isotopes versus carbon isotopes in calcites that replace anhydrite. Sample A1
is marked with a black line between the core (A1(C)) and the rim (A1(F))
measurement where the core of the sample with a centimeter‐seized calcite
crystal is marked with a double circle. This double circled sample lies
between the two trends indicated by the arrows. Black, gray, and white
symbols represent samples from drill cores FC13‐10, LR8‐11, and FC15‐28,
respectively.
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(Table 1 and Figure 6a). The isotopic values of the fracture‐ﬁlling CAS are
δ34S 15.3‰ and δ18O 14.7‰ (Figure 6b). The mean δ34S value of the nod-
ular CAS samples is 20.2‰ (15.3‰ to 22.3‰, n = 11), and the associated
δ18O value is 17.3‰ (15.1‰ to 18.6‰, n = 10; Figure 6b). The nodular
CAS sample A1 shows a simultaneous increase in δ34S and δ18O values
from rim to core (Figure 6b).
The CAS sulfur and oxygen isotopes exhibit two systematic linear trends
when compared to each other and to carbon isotopes. The ﬁrst trend is
from lighter CAS δ18O and δ34S values to heavier ones in the fracture‐
ﬁlling calcite and nodular calcite samples (Figure 6b). This trend has a
coefﬁcient of determination (R2) of 0.83. In the second trend the nodular
CAS samples vary from heavier δ13C and lighter δ18O and δ34S values to
lighter δ13C and heavier δ18O and δ34S values (Figures 6c and 6d). The
observed trend is not linear and exhibits two different slopes (Figures 6c
and 6d). At ﬁrst the CAS δ18O and δ34S increase gradually with decreasing
δ13C values but then the trend changes and δ13C values decrease with
almost no change in CAS δ18O and δ34S values. The gradual change of
δ13C with CAS δ18O and δ34S values exhibits an R2 of 0.96 and
0.76, respectively.
4.4. Fluid Inclusions
Homogenization temperatures (Th) and freezing point depressions (Tm
ice) of primary and secondary aqueous ﬂuid inclusion assemblages hosted
in microspar, quartz, fracture‐ﬁlling calcite, ﬂuorite, saddle dolomite, and
calcite that replaced anhydrite were measured in core samples from three
wells (Figure 7 and Table 3).
The analyzed quartz samples tend to have an euhedral crystal habit with a cloudy inclusion‐rich core fol-
lowed by a clear, relatively inclusion‐free rim. In drill core FC13‐10, Th values of primary inclusions decrease
from ~140 °C–145 °C in the cloudy core to ~115 °C at the boundary with the clear rim, indicating a tempera-
ture drop during quartz precipitation (Figure 7). In FC15‐28 ﬂuorite‐hosted primary ﬂuid inclusions have Th
values of 105 °C to 115 °C, very similar to the temperatures in the outer growth zone of euhedral quartz. This
suggests that these phases may have formed close in time to each other. Primary ﬂuid inclusions in calcite
that replaced anhydrite have Th of ≥175 °C (Table 3). Following crystallization of all phases, secondary ﬂuid
inclusion assemblages hosted in quartz, ﬂuorite, and calcite indicate that ﬂuids with a maximum tempera-
ture of ~210 °C–215 °C migrated through the Madison Formation (Table 3 and Figure 7).
Fluid inclusion salinities are generally signiﬁcantly higher than seawater (Table 3). Primary inclusions in
quartz and ﬂuorite almost ubiquitously have salinities in excess of 21 weight % (NaCl equivalent).
However, primary inclusions in calcite that replaced anhydrite and secondary inclusions in quartz and cal-
cite that replaced anhydrite tend to have lower salinities. The ﬁnal ice‐melting temperature of many of these
later inclusions was difﬁcult to measure due to a high concentration of CH4 ± CO2 ± H2S dissolved in the
water resulting in clathrate formation upon freezing. Thus, some salinity values represent a maximum,
rather than absolute, value (see Table 3). Regardless, these salinities are lower than the salinities found in
primary inclusions in quartz and ﬂuorite (Table 3).
5. Data Interpretation
5.1. Paragenetic Sequence
The observed limestone texture and composition are consistent with the interpretation that the Madison
Formation was deposited in a shallow water, subtidal setting (Gutschick & Sandberg, 1983; Sando, 1976).
Dolomitization has been interpreted to have occurred during early burial by seepage and reﬂux of hypersa-
line brines (Moore, 1995, 2001; Smith, 1991; Sonnenfeld, 1996a), and the observations made in this study are
consistent with that interpretation. On the basis that quartz replaces the dolomitic breccia and is enveloped
by fracture‐ﬁlling calcite, quartz and silica are interpreted to have formed before the fracture‐ﬁlling calcite.
Figure 7. Fluid inclusion homogenization temperatures of primary (p) and
secondary (s) ﬂuid inclusion assemblages (FIA) in microspar, quartz, frac-
ture‐ﬁlling calcite, ﬂuorite, saddle dolomite, and calcite that replaced
anhydrite. Samples from drill cores FC13‐10, FC15‐28, and LR8‐11 have
black, white, and gray ﬁlling colors, respectively. FIA measured in the same
sample is bracketed, and in one quartz crystal a transect from core to rim has
been measured.
10.1029/2018GC007900Geochemistry, Geophysics, Geosystems
ZWAHLEN ET AL. 12
The small variation in oxygen isotopic values from the silica phases suggests that precipitation occurred from
a single ﬂuid in a narrow time range. The decreasing ﬂuid inclusion homogenization temperatures from core
to rim in the quartz‐replaced anhydrite nodule suggests precipitation from a hydrothermal ﬂuid that cooled
from 165 °C to potentially ambient temperatures of 115 °C (Table 3). Subsequently, some microfractures
developed and were occluded by fracture‐ﬁlling calcite, most likely from the same ﬂuid as the quartz.
Fluorite inclusions were observed alongside anhydrite in quartz replacing anhydrite and in calcite that
replaced anhydrite. This suggests that the ﬁrst ﬂuorite phase was evaporitic in origin, in agreement with
observations in dolomitic rocks of the Florida aquifer (Cook et al., 1985). The source for the second ﬂuorite
phase, occurring as a single vein and postdating the fracture‐ﬁlling calcite, is likely external in origin. The
ﬂuid inclusion homogenization temperature of this vein ﬁts with the interpretation of a brine cooling to
ambient temperature of 105 °C–115 °C and precipitating quartz, fracture‐ﬁlling calcite, and then ﬂuorite.
The saddle dolomite postdates the fracture‐ﬁlling calcite since the dolomite crystals enclose some
fracture‐ﬁlling calcite crystals.
The last precipitating phase of calcite is that which replaced anhydrite. The observation of large crystals in
the center of the nodules suggests that the anhydrite was replaced from rim toward the core, which is con-
sistent with observations elsewhere (Alonso‐Zarza et al., 2002; Hesse, 1989; Milliken, 1979; Worden &
Smalgeoley, 1996). Pyrite and minor amounts of sphalerite are precipitated along grain boundaries and
enclosed within calcite crystals that replaced anhydrite, implying contemporaneous formation. Solid bitu-
men and native sulfur precipitated either contemporaneously or later than the calcite that replaced anhy-
drite since they are precipitated in between calcite crystals.
5.2. Evidence for TSR
Evidence for in situ sulfate reduction at the LaBarge Field comes from the identiﬁcation of various reduced
sulfur phases including native sulfur, pyrite, sphalerite, and H2S. In addition, other known by‐products of
sulfur reduction were observed, including calcite that replaced anhydrite and solid bitumen (Kelemen
et al., 2010; Kendall, 2001; King et al., 2014; Machel, 2001), which are related in time and space to the
reduced sulfur phases.
Depending on the reaction temperature, sulfate reduction is usually caused by either bacterial or thermoche-
mical sulfate reduction (Machel, 2001, and references therein). To explain the presence of solid bitumen, oil
had to be present in the reservoir at some time prior to or concomitant with sulfate reduction. Oil is reported
to have migrated into the Madison Formation around 76–84 Ma ago (Roberts et al., 2005). At that time the
formation temperature was approximately 115 °C–145 °C based on the thermal history reported by Roberts
et al. (2005)). During and after oil migration into the LaBarge ﬁeld, the formation temperature was too high
(>80 °C) for bacterial sulfate reduction (BSR) (Machel, 2001, and references therein). Fluid inclusion data
infer precipitation temperatures of >175 °C for the calcite that replaced anhydrite and therefore also exclude
BSR as a sulfate reduction mechanism (Table 3). In addition, the gas composition at the LaBarge Field is
more analogous to other systems with ≥5%–10% H2S that is reported to be a product of TSR rather than
BSR (Machel, 2001, and references therein).
5.3. Rare Earth Elements
Calcite REEY patterns are inﬂuenced by the ﬂuid composition and physicochemical precipitation conditions
(Bau & Möller, 1992). In sedimentary carbonate reservoirs the REEY pattern of the precursor limestone can
be preserved during diagenesis and dolomitization under low and moderate ﬂuid‐rock ratios (Banner et al.,
1988). The fracture‐ﬁlling calcite samples have similar REEY patterns to seawater, with characteristic Ce
and Y/Ho anomalies (Figure 4a). Their lower HREE abundance compared to seawater could arise from
the decreasing compatibility of HREE that are incorporated in diagenetic calcite, compared to LREE
(Figure 4a; Tanaka & Kawabe, 2006; Zhong & Mucci, 1995). The cerium anomaly calculated by the method
of Bau and Dulski (1996) can indicate the oxidation state of the ﬂuid at the time of the calcite precipitation
(Figure 4e). Under oxic conditions cerium is oxidized to the immobile ion Ce4+, and hence, the ﬂuid will
have a depleted cerium concentration. Alternatively, the cerium anomaly can be derived from the host rock
during ﬂuid‐rock interaction. The REEY pattern and the cerium anomaly of the fracture‐ﬁlling calcite are
likely inherited from the host rock probably through recrystallization of the microspar. Further support
for this comes from oxygen isotopic data, which will be discussed in the next section.
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The majority of calcite that replaced anhydrite samples have ﬂat REEY pattern with Y/Ho ratios mainly in
the range of seawater, a low to nonexistent cerium anomaly, and an order of magnitude lower concentration
of REE than fracture‐ﬁlling calcite samples. The Y/Ho ratios suggest that the ﬂuid inherited the Y/Ho during
replacement of anhydrite. The two Y/Ho ratios that are slightly above and below seawater values are harder
to explain. The calculated cerium anomalies in these samples lie on a trend from negative Ce and positive Pr
anomalies to no Ce and Pr anomalies, which indicates a trend toward a more reducing environment
(Figure 4e). This trend is also seen in sample A1, which shows more reducing conditions from the rim
(A1(F)) to the core (A1(C)) of the sample.
Additionally, there are three anhydrite replacing calcite phases (sample C4, C5, and C11) that show convex
upward shaped REEY patterns with positive Eu and Y/Ho anomalies. Convex upward shaped REE patterns
have been documented for many hydrothermal waters and carbonates that formed from acidic crustal ﬂuids
(Bau &Möller, 1992; Hecht et al., 1999; Lüders et al., 1993; Michard, 1989; Möller, 1983; Ohr et al., 1994). In
these studies, the ﬂuids most likely originated from interactions with pelitic metasediments or gneisses
under acidic conditions whereby apatite is mobilized (Hecht et al., 1999; Möller et al., 1997; Ohr et al.,
1994). Yttrium and holmium exhibit a similar geochemical behavior and therefore remain coupled during
many geochemical processes (Bau & Dulski, 1999; Jochum et al., 1986). Volcanic and detrital rocks exhibit
chondritic Y/Ho ratios of 28 (Bau, 1996; Jochum et al., 1986), and therefore, crustal ﬂuids exhibit chondritic
rather than superchondritic Y/Ho ratios (>28). The superchondritic values of the three dissimilar calcites
that replaced anhydrite, however, could have formed during ﬂuid advection, whereby Y is less adsorbed than
any other trivalent REE (Möller, 1997; Möller et al., 2004). An excess of Eu relative to the neighboring REE is
generated during water‐rock interaction at temperatures >200 °C (Bau, 1991; Sverjensky, 1984). Under these
conditions the Eu ions are reduced to Eu2+, which are less susceptible to sorption and preferentially trans-
ported in the ﬂuid (Bau, 1991; Bau &Möller, 1992). The Eu anomaly remains even if the ﬂuids migrate into a
cooler, oxidizing region where Eu3+ is incorporated into the precipitating calcite (Bau et al., 2010). Eu3+ is
preferentially incorporated into calcite due to its smaller ionic radius compared to Eu2+ (Lüders et al.,
1993). The production of a positive Eu anomaly without high‐temperature water‐rock interaction is unlikely
due to the low‐oxygen fugacity required to reduce Eu2+ at low temperature (Bau, 1991; Bau &Möller, 1992),
except when the H2S concentration exceeds the SO4
2− concentration in the ﬂuid (Lüders et al., 1993; Möller,
1983). Positive Eu anomalies could even be produced in closed system basins if burial temperatures exceed
200 °C and ﬂuid‐rock interaction occurs (Jiang et al., 2015). In the LaBarge Field the maximum estimated
burial depth of the base of the Madison Formation was 6,600 m. When interpreted in the context of a known
geothermal gradient of 28.8 °C/km and surface temperatures of 25 °C, this yields a maximum burial tem-
perature of 215 °C (Figure 2; Roberts et al., 2005). This temperature is above the 200 °C required for an
Eu anomaly in a closed system. Alternatively, it is possible that the observed positive Eu anomalies are
related to a hydrothermal ﬂuid. There is no distinct cerium anomaly measured in these samples, which indi-
cates precipitation under reducing conditions. In conclusion, these three samples indicate a different ﬂuid at
a different time in the system.
5.4. Carbon and Oxygen Isotopes and Fluid Temperatures
The limestone host rock at the LaBarge Field has a carbon and oxygen isotopic signature consistent with
other measurements of the Mississippian Madison Formation in Wyoming (e.g., δ13C 0.5‰ to 6.5‰, δ18O
−5.5‰ to −1‰; Budai & Cummings, 1987; and δ13C −3‰ to 7‰, δ18O −9‰ to 3‰; Katz et al., 2006).
The Mississippian seawater oxygen isotopic composition has been estimated to be between −1‰ and
−5.3‰ V‐SMOW (Came et al., 2007; Veizer et al., 2000; Wallmann, 2004), which equates to a limestone of
−3.7‰ to −7.8‰ V‐PDB at a typical precipitation temperature of 25 °C (Kim & O'Neil, 1997). The oxygen
isotope of the limestone at the LaBarge Field (−7.3‰ to −8.9‰ V‐PDB) is lighter than these estimates,
and therefore, another process likely modiﬁed the original composition. The oxygen isotopic composition
of the fracture‐ﬁlling calcite, however, overlaps with those of the limestone, which suggests that the micro-
spar recrystallized during the precipitation of the fracture‐ﬁlling calcite and hence lowered the limestone's
oxygen isotope value (Figure 5). This is in agreement with the seawater like REE composition of the
fracture‐ﬁlling calcite inherited from interaction with the microspar. The carbon and oxygen isotopes of
the dolomite host rock are consistent with previous observations of the Madison Formation where the dolo-
mite was interpreted to have formed as early diagenetic phase by reﬂux of hypersaline brines (e.g., δ13C 0.5‰
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to 4.1‰, δ18O −3.2‰ to 1‰; Budai et al., 1984; Smith, 1991; δ13C −1‰ to 6.9‰, δ18O −8.5‰ to 3‰; Smith
et al., 2004; and δ13C −2.9‰ to 7.1‰, δ18O −8.9‰ to 6.3‰; Katz, 2008).
To integrate the ﬂuid origins of the different phases, the ﬂuid compositions were calculated based on the
mineral δ18O composition combined with the ﬂuid inclusion microthermometry data. The anhydrite‐
replacement quartz (sample Q2), with an oxygen isotope composition of 28.1‰, is in equilibriumwith a ﬂuid
ranging from 12.2‰ to 8.5‰ V‐SMOW at the inferred precipitation temperatures from primary ﬂuid inclu-
sion homogenization temperatures in quartz from 145 °C to 115 °C (Clayton et al., 1972). Since the ﬂuid
inclusion homogenization temperatures in quartz decrease from core to rim and exhibit a high salinity,
the quartz likely precipitated from an external ﬂuid with an isotopically heavy composition, such as a basinal
brine that was mobilized through laramide deformation.
As discussed above, fracture‐ﬁlling calcite precipitation postdates quartz precipitation but predates the
precipitation of ﬂuorite in the vein. Given that there are independent constraints on the precipitation
temperature of quartz at 145 °C–115 °C and a well‐deﬁned paragenesis, it can be assumed that the
fracture‐ﬁlling calcite precipitated at a similar temperature to that of the quartz. If the fracture‐ﬁlling calcite
did precipitate at a temperature of 115 °C, it would have precipitated from a ﬂuid with an oxygen isotope
composition of 7.6‰ V‐SMOW (Kim & O'Neil, 1997) based on the average measured isotopic signature of
the four samples. This is close to the lowest value calculated from the last precipitating quartz sample and
suggests that these phases precipitated from a common pore ﬂuid. Furthermore, the similar carbon isotopic
composition of the fracture‐ﬁlling calcite to that of the Madison Formation host rock suggests that this
calcite precipitated from a ﬂuid in equilibrium with the host rock with moderate to low ﬂuid‐rock ratios
(Sheppard & Schwarz, 1970).
The carbon isotopic value of the saddle dolomite (1.9‰) suggests that it also precipitated from a ﬂuid in equi-
librium with the host rock because of the overlap in their isotopic signatures (Table 1). The saddle dolomite
postdates the fracture‐ﬁlling calcite, with primary ﬂuid inclusion homogenization temperatures demonstrat-
ing that this precipitated at 145 °C–160 °C. A ﬂuid in equilibriumwith the oxygen isotopic value of the saddle
dolomite at these temperatures would have a heavy isotopic composition, between 7.9‰ and 9.6‰V‐SMOW
(Kim & O'Neil, 1997; Sheppard & Schwarz, 1970). These values are within the range of those estimated for
the precipitation of quartz and fracture‐ﬁlling calcite, again indicative of precipitation from a common pore
ﬂuid at increasingly elevated temperatures.
The carbon and oxygen isotopes of the calcite that replaced anhydrite form a distinct group. The carbon iso-
topes of the calcite that replaced anhydrite samples are strikingly clustered at <−5‰ and are all at least 5‰
lighter than the host rock (Figure 5). This large difference between the host rock and the calcite that replaced
anhydrite indicates that there must have been a source of isotopically light carbon in the ﬂuid when this cal-
cite phase precipitated. Potential sources of isotopically light carbon at the temperatures at which calcite
replacement of anhydrite took place (175 °C–200 °C based on ﬂuid inclusion homogenization temperatures)
include hydrocarbons or carbon dioxide. The oxygen isotope values of these samples cluster between average
host rock values and much lower values of up to−13.7‰ V‐PDB. The low‐oxygen isotopic values could have
originated from either precipitation at increasingly elevated temperatures or precipitation from an isotopi-
cally light ﬂuid. The most common, volumetrically abundant, isotopically light diagenetic ﬂuid is meteoric
water, but given that this precipitation occurred at burial depths of several kilometers, this is highly unlikely.
Using the average oxygen isotopic composition and the ﬂuid inclusion homogenization temperatures
(175 °C–200 °C) of anhydrite replacement calcite, the oxygen isotopic composition of the ﬂuid from which
this cement precipitated was estimated to be 10.7‰ to 12.9‰ (V‐SMOW; Kim & O'Neil, 1997). It is unclear
from the stable isotopes alone if this isotopically heavy ﬂuid could either be an external crustal ﬂuid or the
result of ﬂuid‐rock interaction of indigenous formation water at high temperatures.
5.5. CAS Stable Isotope Fractionation in TSR
The CAS isotopic signature of the fracture‐ﬁlling calcites are interpreted to record the sulfate present in the
reservoir prior to TSR as their values lie in the range of Mississippian seawater of δ34S 14‰–21.5‰ and δ18O
14‰–18‰ (Claypool et al., 1980; Kampschulte et al., 2001; Kampschulte & Strauss, 2004). This suggests that
theMississippian anhydrites were controlling the aqueous sulfate prior to TSR (Figure 6b). The nodular CAS
sample with the lowest δ34S and δ18O isotopic values (sample C10) exhibits an isotopic composition very
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close to the fracture‐ﬁlling calcite sample (sample C12) and supports the previous inference that the
Mississippian sulfate source dominated when the TSR process started. An additional inﬂux of dissolved sul-
fate from the overlying Permian Phosphoria Formation characterized by much lower sulfur and oxygen iso-
topic values has been suggested previously (King et al., 2014), but this is not supported by the CAS data
presented here (Figure 6b).
The variation and correlation between sulfur and oxygen isotopes in CAS can be caused by primary (sedi-
mentary) or secondary diagenetic processes. In the ﬁrst case, the isotopic signature would be indicative of
evaporite precipitation prior to burial. However, the fractionation is negligible between seawater sulfate
and the precipitating anhydrite (Burdett et al., 1989; Kampschulte et al., 2001; Kampschulte & Strauss,
2004; Newton et al., 2004), and hence, no isotopic difference would be expected between the different sam-
ples. Support for this comes from the observation that only a few anhydrite microinclusions are present in
the calcite that replaced anhydrite. Hence, most of the CAS is interpreted to be lattice bound sulfate that
was incorporated into the precipitating calcite. Consequently, the isotopic composition of CAS represents
the sulfate composition of the ﬂuid at the time of calcite replacement. As such, there is no plausible explana-
tion for a primary origin of the isotopic covariation in the CAS (Figure 6b).
The second possibility for the correlation of the oxygen and sulfur isotopes is a secondary process such as
BSR or TSR. In redox reactions such as these, the isotopic values of the source material increase successively
with continuous reaction progress due to the preferential reaction of the lighter isotopes (a normal isotope
effect), enriching the residual source material in the heavier isotope. In BSR systems, increasing isotopic
values with increasing depth have been observed and related to increasing reaction progression (Aharon
& Fu, 2000, 2003; Antler et al., 2013; Böttcher et al., 1998; Fritz et al., 1989; Strebel et al., 1990). In these sys-
tems, a linear correlation between δ34S and δ18O isotopes has been attributed to kinetic fractionation of oxy-
gen and sulfur isotopes during the same reaction step (Aharon & Fu, 2000, 2003; Antler et al., 2013). Kinetic
fractionation of sulfur isotopes during TSR has also been observed experimentally (Cross et al., 2004; Kiyosu,
1980; Kiyosu & Krouse, 1990, 1993; Meshoulam et al., 2016). In the LaBarge Field, TSR is the dominant sul-
fate reduction process that fractionated the sulfate. The slope of the correlation between the CAS oxygen and
sulfur isotopes (δ18O/δ34S) is 0.53, which means that the sulfur fractionation is almost double that of
oxygen (Figure 6b).
Further isotopic variation caused by TSR can be found among the products of the redox reaction. The calcite
that replaced anhydrite exhibits a trend from heavier δ13C and lighter δ18O and δ34S values to lighter δ13C
and heavier δ18O and δ34S values (Figures 6c and 6d). In the ﬁrst segment (upper arrow in Figures 6c and
6d) the decrease in δ13C values could arise from mixing of the carbon already present in the pore water
(as HCO3
−) with an isotopically light carbon (as CO2(g)) produced as a by‐product of TSR. This is in agree-
ment with the simultaneous increase in CAS δ18O and δ34S that arose as a result of the progressive distilla-
tion of these isotopes during TSR. A similar trend has been observed in other TSR reservoirs where
decreasing δ13C values in calcite have been attributed to an increased extent of anhydrite reaction
(Machel et al., 1995; Worden & Smalgeoley, 1996) and decreasing δ13C values in water have been associated
with the progress of TSR (Wynn et al., 2010). Sample A1 that has been analyzed in the rim and core is in
agreement with this observed trend and records an evolving ﬂuid composition at two different times. The
carbon and CAS isotopic data of sample A1(C) plot at the intersection of the two observed trends (circled
sample in Figures 6c and 6d). The growth of the large calcite crystal in this sample reﬂects slower precipita-
tion near equilibrium and therefore could represent the termination of the TSR process in this system.
In the second segment (lower arrow in Figures 6c and 6d) the continuous decrease in δ13C is not accompa-
nied by a continuous increase in CAS δ18O and δ34S. This shift in isotope evolution was attributed to be asso-
ciated with ﬂuid mixing with an external carbon source that is not connected to the TSR process (Figures 6c
and 6d). The addition of isotopically light or hot CO2 will change the carbon isotopic composition of the ﬂuid
but will not have an inﬂuence on the sulfate isotopic composition of the ﬂuid since the isotope exchange
reaction between dissolved sulfate and water is extremely slow (Llyod, 1967). The δ13C of the CO2(g) present
today in the LaBarge Field has an average value of −5.2‰ (−5.45‰ to −5.02‰, n = 8; Frost, 2011) and is in
equilibrium with the isotopically lightest calcites at 210 °C (Clark & Fritz, 1997; Romanek et al., 1992;
Sheppard & Schwarz, 1970). This segment might record a formation ﬂuid no longer inﬂuenced by TSR
but instead by the inﬂux of CO2. There is not enough resolution or data to unambiguously determine
10.1029/2018GC007900Geochemistry, Geophysics, Geosystems
ZWAHLEN ET AL. 16
whether the hydrothermal CO2 arrived prior to, during or after TSR, although it seems unlikely that it
entered prior or during TSR because of the apparent equilibrium precipitation of the large crystals that pre-
cede the onset of precipitation of isotopically lighter calcite (Figures 6c and 6d).
Other products of TSR in the LaBarge Field are H2S and the metal sulﬁdes that potentially precipitated from
it. In a closed system the kinetic fractionation of TSR can be described as a Rayleigh‐type fractionation pro-
cess (Kiyosu & Krouse, 1990). Starting with an initial sulfate isotopic composition of 15.3‰ and a H2S(g) in
equilibrium with the pyrite with the lowest positive δ34S value of +3.6‰ (Ohmoto & Rye, 1979), the tem-
perature at which the fractionation factor matches these numbers can be inferred. The fractionation factor
Py‐SO2−4(aq) is−11.7 (Kiyosu & Krouse, 1990; Ohmoto & Rye, 1979) at a temperature of 155 °C. The succes-
sive increase in δ34S of subsequent pyrite phases could then be explained by formation from an increasingly
isotopically enriched H2S. The accumulated H2S would reach the observed δ
34S value of 10‰ (King et al.,
2014) after over 80% of the sulfate is consumed. In the temperature range of TSR (>100 °C; Machel, 2001),
the fractionation between sulfate and sulﬁde is not large enough to form isotopically negative pyrites, which
have been identiﬁed in two of the cores (Kiyosu & Krouse, 1990). Even though there is no petrographic indi-
cation or other evidence for bacterial sulfate reduction, these isotopically negative pyrites have likely formed
diagenetically below 80 °C (Machel, 2001, and references therein).
6. Discussion
6.1. Sulfur Cycling and Duration of TSR
Sulfur cycling in the LaBarge Field can be traced by estimating source and sinkmaterial affected by TSR. The
gross rock volume of the LaBarge reservoir is estimated to be 1,400 km3 based on a reservoir map (Stilwell,
1989; Figure 1b). The average porosity is 9% (Huang et al., 2007), which yields a total pore volume of
126 km3. An estimated volume of former anhydrite nodules in the drill cores of 0.2 vol% would equate to
2.55 × 109 m3 or 5.6 × 1013 mol in the reservoir. The amount of CO2 is estimated to be 3.15 × 10
+12 m3
STP (De Bruin, 1991; Lynds, 2010). Based on an assumed CO2‐H2S ratio of 1:13 (gas composition of 65%
CO2 and 5% H2S; Huang et al., 2007) and this CO2 volume, the H2S gas volume is calculated to be
2.4 × 1011 m3 or 9.8 × 1012 mol. The amount of anhydrite therefore exceeds the amount of H2S by a factor
6. The overall TSR reaction (CaSO4 + HC≥H2S + CaCO3/CO2 + solid bitumen + altered HC +H2O) would
yield 1 mol of H2S for each mol of reacted anhydrite (Goldhaber & Orr, 1995; Machel, 1987b; Orr, 1974).
Therefore, it is likely that the H2S found in the Madison Formation in the LaBarge Field has been produced
from the dissolved local anhydrite without an external sulfate source even though no primary anhydrite is
left. It is proposed that dissolved sulfate remained abundant in the ﬂuid since calcite that precipitated after
TSR also contains sulfate and present day ﬂuids hold 10,000 mg/L SO4
2− (Blondes et al., 2014). The discre-
pancy between the amount of anhydrite and H2S could be associated with spatial heterogeneity in the anhy-
drite content of the Madison Formation, with H2S migration out of the reservoir or another reason for
anhydrite dissolution unrelated to sulfate reduction. Alternatively, it could be explained by sulﬁde precipita-
tion, which consumes 2 mol of H2S for each mole of pyrite precipitated. The amount of pyrite estimated
through logging of the three drill cores is approximately 10 ppm and equates to 4 × 10+4 mol and results
in 8 × 10+4 mol of H2S consumed. This suggests that sulﬁde precipitation played a subordinate role in redu-
cing the amount of H2S in the reservoir, compared to the 9.8 × 10
+12 mol of H2S present today.
The kinetics and duration of TSR are not well understood (Machel, 2001). Due to the extensive fractionation
in δ34Ssulfate, the rate limiting step was likely the reduction rather than sulfate dissolution (Figure 6b;
Meshoulam et al., 2016). Goldhaber and Orr (1995) estimated a rate for the reduction step of 10−6 mol of sul-
fate per liter per year for high H2S systems at 150 °C. In the LaBarge Field the amount of reacted sulfate is at
least the equivalent of the total amount of H2S (9.8 × 10
12 mol). Assuming a total pore space of 1.26*1010 m3
(Huang et al., 2007; Stilwell, 1989) ﬁlled with water, the pore ﬂuid would have had a sulfate concentration of
0.8 mol/L. This concentration would take approximately 80 ka to react (Goldhaber & Orr, 1995). The reac-
tion time could increase if there was a higher initial sulfate concentration or decrease if the TSR process
occurred at a higher temperature than 150 °C. Aqueous ﬂuid inclusions in calcite that replaced anhydrite
(>175 °C) provide good evidence that temperatures exceeded 150 °C (i.e., up to 200 °C; Figure 7), and as
such, this time represents an upper limit on the likely duration of TSR in the LaBarge Field.
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6.2. Fluid Sources and Timing of TSR
The composition of themain ﬂuid phases that circulated in the reservoir is
recorded in the fracture‐ﬁlling calcite, the solid bitumen, and the calcite
that replaced anhydrite (Figure 8). The fracture‐ﬁlling calcite cement
most likely precipitated from a saline brine following quartz precipitation.
This is supported by the quartz ﬂuid inclusion homogenization tempera-
tures showing decreasing temperatures from the core of the crystals to
the rim (Figure 7).
During or following fracture‐ﬁlling calcite precipitation, the reservoir was
charged with oil from the overlying Phosphoria Formation (Johnson,
2005; Figure 8). The calcite that replaced anhydrite formed after the inﬂux
of oil and the start of TSR, indicated by the low carbon isotopic values, the
more reducing conditions indicated by the lack of negative cerium
anomalies, and the solid bitumen coprecipitation/postprecipitation. TSR
progressed in the reservoir and altered the ﬂuid composition as suggested
by the increase in CAS isotopic values with decreasing carbon isotopic
values. At some point, TSR ceased and the ﬂuid composition remained
stable and close to equilibrium for some time, reﬂected in the develop-
ment of large crystals in the core of some calcite that replaced anhydrite
nodules. There is no direct evidence of the limiting factor that caused
the TSR process in the LaBarge Field to cease, but a likely explanation is
that the heavy hydrocarbons were totally consumed and the reaction could not progress with methane as
the only organic source left in the reservoir (Amrani et al., 2008; Machel, 2001, and references therein).
The excess of a reaction product, however, could also have halted the reaction. This raises the possibility
of a pause between TSR and the inﬂux of the CO2 and suggests that the inﬂux of CO2 did not inﬂuence
the progression of TSR in the LaBarge Field.
Following TSR, hydrothermal CO2 is interpreted to have ﬂooded the reservoir, reﬂected in the decreasing
carbon isotopic composition with limited variation in the CAS isotopic composition in some of the calcite
that replaced anhydrite samples (Figures 6c and 6d). The gaseous CO2 that currently occupies the reservoir
is in equilibrium with the lightest carbon isotope signatures in calcite at a temperature of 210 °C (Clark &
Fritz, 1997; Romanek et al., 1992; Sheppard & Schwarz, 1970). Indeed, the observed positive Eu anomalies
and the convex upward shaped REE pattern in three of the calcite that replaced anhydrite samples indicate
the presence of an acidic hydrothermal ﬂuid and are therefore probably related to the external CO2 inﬂux.
The three calcite phases that replaced anhydrite samples from drill core FC15‐28 are the deepest samples
(2,150‐ to 2,200‐m TVD SS) and are located next to a basement‐involved reverse fault (Kraig et al., 1987);
hence, the ﬂuid might have entered the reservoir along this fault (Stilwell, 1989). This interpretation is sup-
ported by the observation that CO2 concentration increases toward the base of the reservoir and toward this
fault (Stilwell, 1989). The source of the CO2, however, remains uncertain; the CO2 has a δ
13C and a 3He/CO2
ratio in mantle range (Frost, 2011; Merrill et al., 2014), yet there is no evidence that a magmatic ﬂuid could
have produced the convex upward shaped REE pattern with a positive Eu anomaly (Banks et al., 1994)
unless it interacted with metasediments along the ﬂow path.
7. Conclusion
1. Mineralogical and petrographical observations, along with the burial history and ﬂuid inclusion data,
argue for in situ TSR in the LaBarge Field.
2. It has been shown that sulfate sulfur and oxygen isotopes cofractionated during the TSR process. This
indicates a fractionation in the same reaction step during which the sulfur isotopes fractionate almost
twice the amount of the oxygen isotopes. The CAS isotopic data also reveal that a single Mississippian
sulfate source was involved in TSR.
3. The progression of the TSR reaction is illustrated by the cofractionation in CAS isotopes to higher values,
accompanied by a decreasing δ13C value. The end of TSR is marked by the precipitation of large calcite
crystals in the core of some calcite that replaced anhydrite nodules.
Figure 8. Precipitated mineral phases and ﬂuid inputs with increasing time.
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4. The limiting factor for TSR is likely the exhaustion of heavy hydrocarbons since mass balance calcula-
tions and present‐day pore ﬂuid analyses suggest that dissolved sulfate occurred in excess.
5. The approximate length of TSR is 80 ka, based on a reaction rate from Goldhaber and Orr (1995) and the
assumption of a reaction step limiting system due to the extensive sulfate fractionation (Meshoulam
et al., 2016). Depending on the reservoir age, dating techniques could also provide useful constraints
about the duration of the TSR process at the LaBarge Field.
6. An inﬂux of an external source of CO2 after the cessation of TSR is marked by a trend of decreasing δ
13C
with limited changes in CAS isotopic values. This suggests that the inﬂux of CO2 did not inﬂuence the
TSR process. A possible entry point for the CO2 could be located along the reverse fault on the west side
of the ﬁeld based on observations from REE data. The source of the CO2 remains controversial; however,
future Nd isotopic measurements could help to distinguish between a mantle and a crustal origin of CO2
and lead to a better understanding of the timing of the CO2 inﬂux and narrow the age and temperature
range of the TSR process.
7. Altogether, it has been shown that the combination of petrography, REE, ﬂuid inclusion, and stable iso-
tope measurements can be useful to disentangle the ﬂuid history of a large reservoir and could help to
predict the occurrence and magnitude of TSR elsewhere.
Appendix A: Sample C14 (Left) and A1 (Right): Calcite That Replaced Anhydrite
With Anhydrite Microinclusions.
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